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a b s t r a c t
The carbon isotope excursion (CIE) associated with the Paleocene–Eocene Thermal Maximum (PETM) has
been recognized for the ﬁrst time in the micritic carbonate, total organic carbon (TOC) and black carbon
(BC) contained within the lacustrine sediments from the Nanyang Basin, central China. The remarkably
large excursion (∼ −6h) in the δ 13 CTOC and δ 13 CBC values is possibly attributable to increased humidity
and elevated pCO2 concentration. The ∼ −4h CIE recorded in the δ 13 Ccalcite , reﬂecting the average
isotope change of the watershed system, is consistent with that observed in planktonic foraminifera.
This correspondence suggests that the true magnitude of the carbon isotope excursion in the ocean–
atmosphere system is likely close to −4h. The ∼10 m excursion onset in our multi-proxy δ 13 C
records demonstrates that the large input of 13 C-depleted carbon into the ocean–atmosphere system
was not geologically instantaneous. Despite difference and somewhat smoothness in detailed pattern
of the CIE due to localized controls on different substrates, inorganic and organic δ 13 C data generally
depict a gradual excursion onset at least over timescales of thousands of years. In addition, continental
temperature reconstruction, based on the distribution of membrane lipids of bacteria, suggests a warming
of ∼4 ◦ C prior to the PETM and ∼7 ◦ C increase in temperature during the PETM. The temperature data are
overall similar in pattern and trend to the δ 13 C change across the PETM. These observations, combined
with pre-CIE warming, are in line with the idea that 13 C-depleted carbon release operated as a positive
feedback to temperature, suggesting supply from one or more large organic carbon reservoirs on Earth’s
surface.
© 2014 Elsevier B.V. All rights reserved.

1. Introduction
The Paleocene–Eocene Thermal Maximum (PETM; ∼55.5 Ma)
is a geologically abrupt global warming event superimposed on
a long-term warming trend of the early Cenozoic (Kennett and
Stott, 1991; Zachos et al., 2001). The onset of the event occurred
within ∼20 kyr and the complete event lasted ∼170 kyr (Röhl et
al., 2007; Charles et al., 2011). During the PETM, temperatures in-
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creased abruptly by at least 5 ◦ C globally (Kennett and Stott, 1991;
Thomas et al., 1999; Zachos et al., 2003; Tripati and Elderﬁeld,
2005) while stronger warming of up to 8 ◦ C has been reported at
middle and high latitudes (Sluijs et al., 2006; Zachos et al., 2006;
Weijers et al., 2007a). The short-lived warming events induced
severe environmental perturbation, including mass extinction of
benthic foraminifera, rapid northward migration of plants in North
America, and mammalian turnover (Thomas, 1998; Wing et al.,
2005; Clyde and Gingerich, 1998).
Associated with the PETM are a globally recognized negative
carbon isotope excursion (CIE) (Kennett and Stott, 1991; McInerney
and Wing, 2011) and widespread dissolution of deep-sea carbonates (Zachos et al., 2005), which indicate more than 2000 gigatons
of 13 C-depleted carbon entering the ocean–atmosphere system
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(Dickens et al., 1995; Zachos et al., 2005; Panchuk et al., 2008;
Zeebe et al., 2009; Cui et al., 2011). This is comparable in magnitude to that which could occur over the coming centuries, and the
PETM has thus become a focus for studies of past climate change.
To date, however, there are still several ﬁrst-order controversies
concerning the carbon injection during the PETM. These include
the source of carbon and its relationship to temperature. Possible
sources of 13 C-depleted carbon include the injection of thermogenic methane (Svensen et al., 2004), impact of a comet (Kent
et al., 2003), dissociation of seaﬂoor methane hydrates (Dickens
et al., 1995), combustion of the Paleocene peatlands (Kurtz et al.,
2003), and permafrost thawing (DeConto et al., 2012). Underlying
the current debate is whether the 13 C-depleted carbon release is a
positive feedback to the temperature rise. The key to solve the debate is to clearly deﬁne the magnitude and shape of the CIE and
its relationship to temperature.
Since the mixing time of carbon in the exogenic carbon reservoirs (including the atmosphere, terrestrial biosphere and ocean)
is on the time-scale of ∼103 yr (Kump and Arthur, 1999), in theory the general character of the CIE recorded in the continental
and marine sediments should be identical and synchronous. There
is, however, a signiﬁcant discrepancy in the pattern and magnitude of the CIE in existing PETM records, depending on locations
and analyzed substrates (Bains et al., 1999; Giusberti et al., 2007;
McInerney and Wing, 2011; Sluijs and Dickens, 2012). For example,
the general magnitude of the CIE from benthic foraminifera and
bulk marine carbonate is 2 to 2.5h (Kennett and Stott, 1991; Bains
et al., 1999; Thomas et al., 2002), and planktonic foraminiferal
records shows up to 4h negative shift (Thomas et al., 2002;
Zachos et al., 2006; Handley et al., 2008), while most terrestrial bulk organic and paleosol carbonates and biomarkers records
yield excursion of ∼4–8h (Koch et al., 1992; Schmitz and Pujalte, 2003; Pagani et al., 2006a; Handley et al., 2008). Efforts to
reconcile the ∼3h difference in terrestrial and marine records
have focused on two hypotheses. The ﬁrst hypothesis suggests
that marine carbonates fail to record the full magnitude of the
CIE, due to truncation caused by severe dissolution of carbonates or acidiﬁcation (Zachos et al., 2005; Pagani et al., 2006a;
McCarren et al., 2008), whilst the other hypothesis suggests that
greater δ 13 C discrimination due to increasing humid, or plant community change ampliﬁes the terrestrial CIE (Bowen et al., 2004;
Smith et al., 2007).
Another unsolved problem is the pattern of the CIE. Previous
study, based on bulk carbonate records, showed that minimum
δ 13 C values were reached in a stepped manner, suggestive of a
pulsed liberation of carbon (Bains et al., 1999). Recently, many
high-resolution stratigraphic records have challenged this conclusion and indicated a single, instantaneous addition of 13 C-depleted
carbon to the ocean–atmosphere system (Thomas et al., 2002;
Giusberti et al., 2007). Even the greatly expanded sections from
the New Jersey shelf areas did not see the feature of the stepped
manner (Sluijs et al., 2007). So far, there are no any two records
which share the consistent pattern of the CIE. Therefore, there is
a critical need for further PETM records, especially high-resolution
terrestrial carbon isotope records to tease out the pattern and magnitude of the CIE.
Here we recovered the ﬁrst lacustrine PETM section based on
high-resolution geochemical proxies from the Nanyang Basin, central China. Our new high-resolution terrestrial carbon isotope data
provide a unique opportunity to deﬁne the structure of the CIE
and its relationship to temperature in the terrestrial carbon reservoir.

Fig. 1. Paleogeographic location (a) and geological sketch map (b) of the studied site.
The red star indicates the study site. (For interpretation of the references to color in
this ﬁgure legend, the reader is referred to the web version of this article.)

2. Material and methods
2.1. Geologic setting and sampling
The Nanyang Basin, located in the eastern Qinling Mountain
region, is a large intermontane Mesozoic–Cenozoic down-faulted
basin (Feng et al., 1997). During the late Mesozoic, the Yanshannian Movement brought about the uplift of pre-Cretaceous strata
to the south and new differentiation of crustal activity, especially
the compressive folding and faulting throughout the area. Specifically, the west part of the region uplifted, while the east part
subsided. As a result, a large fault basin – Nanyang Basin – formed
surrounding Nanyang during the late Cretaceous period, which received very thick deposits in the Cenozoic (Fig. 1).
At the Nanyang Basin, the late Cretaceous–early Eocene deposits
are mostly developed with clear stratigraphic sequences, including the Hugang, Baiying and Yuhuangding formations (Feng et al.,
1999). The Hugang Formation is predominately made up of ﬁne
clastics, indicating a shallow ﬂuvio-lacustrine facies. The Baiying
Formation consists of thick lacustrine marls with interbedded calcareous mudstones. The Yuhuangding Formation, characterized by
grayish-pink marls with interbedded reddish siltstones and calcareous mudstones, is interpreted as representing deep lacustrine
facies environments. These strata do not contain any signiﬁcant
unconformities and no evidence indicates any existence of hiatus.
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2.2. Micritic carbonate δ 13 C measurements
Samples of micritic carbonate (∼150 μg) were drilled from polished surface under a microscope using a dental drill. Sparry and
pore-ﬁlling, diagenetic calcite phases were avoided during sampling. Samples were reacted with 100% orthophosphoric acid at
72 ◦ C for 1 h using a GasBench II carbonate preparation device
interfaced with a MAT253 isotope ratio mass spectrometer. Stable isotope results are reported relative to the Vienna PeeDee
Belemnite (VPDB) standard with an external analytical precision
of ±0.15h.
2.3. Total organic carbon (TOC) and black carbon (BC) isotope ratios
For δ 13 CTOC analyses, samples were treated with 1 N HCl to
remove carbonate, then rinsed with distilled water, and dried at
50 ◦ C. For the δ 13 CBC measurements, the carbonates and part of the
silicates in the samples were removed with 3 N HCl and HF/HCl
(10 N:1 N) in sequence. The treated samples were then oxidized
by a solution of K2 Cr2 O7 /H2 SO4 (0.1 mol/L:2 mol/L) at 55 ◦ C for
60 h to remove soluble organic matter and kerogen. After the
treatment, the remaining refractory carbon is called BC. All δ 13 C
analyses were performed with a Flash 1112 elemental analyzer,
connected to a Finnigan MAT253 isotope ratio mass spectrometer.
Analytical precision is better than ±0.2h. All values are reported
relative to the VPDB standard.
2.4. Carbonate compositions and petrographic analysis

Fig. 2. Biostratigraphy (Ma and Cheng, 1991; Huang et al., 2004; Zhao and Guo,
1995) and chemostratigraphy (Zhu et al., 2010) of the studied area. Paleocene fossils
are indicated with red symbols and early Eocene with green. (For interpretation
of the references to color in this ﬁgure legend, the reader is referred to the web
version of this article.)

Biostratigraphic investigations constrain the chronology of the
deposits in this basin. A simplicidentate mammal, Hanomys malcolmi found in the Baiying Formation assigns this formation to the
Paleocene (Huang et al., 2004), while the Heptodon–Rhombomylus
Assemblage Zone found in the lower part of the Yuhuangding Formation indicates an early Eocene age (Fig. 2) (Ma and Cheng, 1991;
Ting et al., 2003). Palynostratigraphy further deﬁnes the Paleocene/Eocene boundary in the lower part of the Yuhuangding Formation (Zhao and Guo, 1995). Our previous work has detected the
CIE in the lower part of the Yuhuangding Formation based on a
long-term micrite δ 13 C record (Fig. 2) (Zhu et al., 2010). However, intrabasinal sedimentary variations in facies and lithology
may complicate the record. For this study, we re-sampled a successive Paleocene/Eocene boundary stratigraphic section (Beigou:
32◦ 43.9 N, 111◦ 27.6 E) with relatively homogeneous facies close
to the depocenter of the basin (Fig. 1). We mainly focused on
the 50-m-thick deposits in the lower part of the Yuhuangding
Formation (Fig. 2), and collected samples at a resolution of 2 to
20 cm.

The mineralogical composition of 205 powered carbonate samples was determined by X-ray diffraction (XRD) using a Rigaku
D/MAX 2400 diffractometer (Japan). An aliquot of the powdered
sample was packed into an aluminum holder and scanned from 2◦
to 72◦ 2θ at 8◦ 2θ /min using Cu Kα radiation at 40 kV, 60 mA.
The compositions of carbonate samples were also determined by
standard XRD semiquantitative methods (Chung, 1974).
Polished thin sections were prepared for petrographic analysis from two typical micritic marls (pre-excursion and excursion
samples) cut perpendicular to the horizontal plane of sedimentary
bedding. The selected samples were also studied for crystal size
and morphology using a LEO1450VP scanning electron microscope
(SEM) (Fig. 3).
2.5. Glycerol dialkyl glycerol tetraether (GDGT) analyses
Organic compounds were extracted from powered and freezedried sediment samples by Soxhlet extractor with dichloromethane
(DCM)/methanol (MeOH) (2:1; v/v) for 72 h. The excess solvent
was removed using rotary evaporation under vacuum and the
extracts were separated into apolar and polar fractions by an
activated Al2 O3 column chromatography with hexane/DCM (9:1;
v/v) and DCM/MeOH (1:1; v/v) as sequential eluents, respectively.
The polar fractions, containing the branched GDGTs, were concentrated by rotary evaporation, re-dissolved in a hexane/isopropanol
(99:1; v/v) mixture, and then passed through a 0.45 μm PTFE ﬁlter. Subsequently, the ﬁltrates were analyzed for branched GDGTs
by high performance liquid chromatography/atmospheric pressure
chemical ionization-mass spectrometry (HPLC/APCI-MS). The detailed HPLC/APCI-MS instrument methods were performed following Zhou et al. (2011) using an Agilent 1200 series liquid
chromatograph equipped with an auto-injector and ChemStation
chromatography management software. The cyclization ratio of
branched tetraethers (CBT) and the methylation index of branched
tetraethers (MBT) are deﬁned as (Weijers et al., 2007b):



CBT = − log

[Ib + IIb]
[I + II]



(1)
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Fig. 3. Scanning electron microscope (SEM) images of the pre-excursion sample (a) and the excursion sample (b), and photomicrographs from thin sections of the preexcursion sample (c) and the excursion sample (d) showing little ﬁne-grained recrystallization (r) of primary micrite (m).

MBT =

[I + Ib + Ic]
[I + Ib + Ic] + [II + IIb + IIc] + [III + IIIb + IIIc]

(2)

Roman numbers correspond to different branched GDGTs:
GDGTs I, II and III contain none, one or two extra methyl branches
and can contain either one (Ib; IIb; IIIb) or two (Ic; IIc, IIIc) cyclopentyl moieties (Weijers et al., 2007b). Annual mean air temperature (MAT) was then calculated from the CBT and MBT using
the calibration equation developed by Sun et al. (2011) based on
Asian modern lake surface sediments:

MAT = 6.803 − 7.062 × CBT + 37.090 × MBT

(3)

3. Results
3.1. Composition of carbonate minerals
X-ray diffraction shows that mineral composition at the Beigou
section is very simple, mainly including calcite, dolomite and
quartz (Fig. 4), hence relative percentages of carbonate minerals
are estimated from the bulk mineral diffractograms using the intensity of the strongest peak for each mineral (Chung, 1974). Prior
to the CIE, there is abundant dolomite (28 to 100%) with a variable content of calcite in primary carbonate (Table S1). From the
onset of the CIE, however, dolomite disappears and calcite is the
only carbonate precipitate mineral (Fig. 5).
3.2. Nanyang micritic carbonate, total organic carbon and black carbon
δ 13 C records
Micritic δ 13 Ccarbonate values range between −9.3h and −2.6h
with an average of −5.4h over the whole section (Table S1). Subtle ﬂuctuations around −3.7h in δ 13 Ccarbonate values are observed
between 0 and 20 m (Fig. 5). Above this, the δ 13 Ccarbonate values
drop slowly and gradually to the minimum (−9.3h) from 20 m
to 33 m, with a sharp spike of −1.3h for 1 m (37.1–38.1 m). Following this negative shift, the δ 13 Ccarbonate values increase slowly
and ﬁnally stabilize around −6h at 40 m and for the remainder

Fig. 4. XRD patterns of representative samples, including pre-excursion samples and
excursion samples.

of the section. The recovery values of δ 13 Ccarbonate are ∼2h more
negative than the pre-excursion values.
δ 13 CTOC and δ 13 CBC values at the Beigou section broadly show
similar change. Both of them range between −28.6h and −20h
with an average value of −24h (Table S2). These are typical values for C3 plants (i.e. values range between −34h and −20h).
δ 13 CTOC and δ 13 CBC values ﬂuctuate around a relatively stable background level (−22h) between 0 and 20 m (Fig. 5). As with the
δ 13 Ccarbonate record, the δ 13 CTOC and δ 13 CBC values decrease gradually from 20 m, but punctuated by 2.3h and 3.4h transient
positive shifts around 24 m respectively, and then progress to
the minimum (∼ −28h) at 30 m. Above this, the values increase
slowly and ﬁnally stabilize around −24h at 40 m and for the remainder of the section.
3.3. Paleocene–Eocene continental temperature estimates
The BIT values, a proxy for the relative amount of soil-derived
branched GDGTs versus aquatic archaeal GDGTs (Hopmans et al.,
2004), range from 0.31 to 0.98 (Table S3), suggesting considerable
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Fig. 5. Mineral composition of carbonate (a), and stable carbon isotope ratios of micritic carbonate (b), calcite (c), total organic carbon (d) and black carbon (e). δ 13 Ccalcite
values are determined by correcting δ 13 Ccarbonate using the mineral composition of carbonate. The shaded area highlights the PETM CIE. The dashed lines show a delay of
δ 13 Ccalcite record.

Fig. 6. Carbon isotope, BIT index, and temperature records from the Beigou section. Calcite δ 13 C values (a). Total organic carbon δ 13 C values (b). Black carbon δ 13 C values (c).
Temperature estimates from MBT and CBT (d). BIT index (e). The red solid line shows the three-points running average of red dots. The blue dots are temperature anomalies
which might be an artifact caused by low GDGTs fraction with carbonate content as high as 99%. Gray dashed lines represent the onset, the maximum and the end of the
PETM, respectively. (For interpretation of the references to color in this ﬁgure legend, the reader is referred to the web version of this article.)

input of soil-derived GDGTs. The MBT/CBT paleothermometry data
show that a gradual increase in temperature from 20 to 24
◦ C toward the onset of the CIE (Fig. 6), followed by a cooling
trend around 22 m (blue dots in Fig. 6d), which might be an
artifact caused by low GDGTs fraction with carbonate content
as high as 99%. During the body of the CIE, temperatures increase gradually to 31 ◦ C from 22 m to 31 m, and then slowly
drop again to the initial values for the reminder of the section.
Higher temperatures occur at the time of lighter δ 13 C values
(Fig. 6).

4. Discussion
4.1. Diagenetic and detrital effects on δ 13 Ccarbonate
Dissolution/recrystallization processes during diagenesis of carbonate minerals can signiﬁcantly alter the carbon isotope signal
of authigenic carbonate (e.g., Garzione et al., 2004). SEM analyses
show that the carbonate crystals are generally less than 2 μm in
size (Figs. 3a and 3b). It has been suggested that ﬁne- to veryﬁne grained carbonates are less susceptible to remineralization
by diagenetic ﬂuids because of their extremely low permeability
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(Dickson and Coleman, 1980; Poulson and John, 2003). On the
other hand, thin section analyses of two typical samples reveal
that these carbonates are texturally wackestones with homogeneous micritic matrix (Figs. 3c and 3d), while microsparry calcite is
rare and sparry calcite is absent, indicating that the original sedimentary fabric was not replaced after deposition. Overall, these
petrographic features suggest that carbonates at the Beigou section have undergone little diagenetic alteration.
Detrital carbonate can also bias the isotopic composition of the
carbonate that formed in situ (Leng et al., 2010). However, two
lines of evidence suggest that allogenic carbonate did not signiﬁcantly contribute to the isotopic composition of analyzed carbonates. Firstly, SEM analyses show that the pre-excursion sample predominantly of ∼1 μm-sized euhedral crystals of dolomite (Fig. 3a)
and the excursion sample is composed of ∼2 μm-sized anhedral
crystals of calcite (Fig. 3b). Their morphology is consistent with
authigenic carbonate precipitated in the water column. The angular nature of the grains indicates that crystals had undergone little
or no transportation or reworking. Secondly, thin sections analyses show no evidence for the existence of detrital grains (Figs. 3c
and 3d). In summary, petrographic and mineralogical features, such
as the homogeneous compositional and textural character of the
carbonates, the absence of replacement textures support a direct
primary origin and little or no diagenetic alteration for the carbonates. We thus conclude that the micritic δ 13 Ccarbonate values in this
study could track the isotopic signal of dissolved inorganic carbon
in lake water.
4.2. Bio- and chemostratigraphic recognition of the PETM
The Beigou section is predominately marl of lacustrine facies
with very high abundance of carbonate, which induces too weak
a magnetic signal to construct an age framework using paleomagnetic techniques. Therefore, we use biostratigraphic dating and carbon isotope stratigraphy to conﬁne the PETM at the site.
Detailed mammal and pollen fossils investigations have constrained the Paleocene/Eocene boundary within the lower part
of the Yuhuangding formation (Fig. 2) (Ma and Cheng, 1991;
Zhao and Guo, 1995; Ting et al., 2003; Huang et al., 2004).
Here our multiple δ 13 C data show that carbon isotope values
ﬂuctuate around a relatively stable background level between 0
and 20 m (δ 13 Ccarbonate : ∼ −3.7h; δ 13 CTOC : ∼ −22h; δ 13 CBC :
∼ −22h), and then shift gradually to the minimum around 31 m
(δ 13 Ccarbonate : ∼ −9.3h; δ 13 CTOC : ∼ −28h; δ 13 CBC : ∼ −28h),
followed by a slow return to values slightly lower than the preexcursion level (Fig. 5). These results deﬁnitely exhibit a general
excursion pattern that is similar to that deﬁned by marine and
other terrestrial records (Kennett and Stott, 1991; Koch et al., 1992;
Magioncalda et al., 2004; Bowen, 2013). Although the δ 13 C values of each substrate could be affected by different factors at the
Beigou section, terrestrial plants (black carbon), aquatic plants (total organic carbon) and lacustrine carbonate systems all document
a large-magnitude carbon isotope excursion, demonstrating that a
systematic negative carbon isotope shift occurred in the exogenic
carbon reservoirs. The pronounced CIE recorded in the inorganic
and organic substrates from 20 to 40 m, combined with biostratigraphy, conﬁrms that the section spans the Paleocene/Eocene
boundary and the PETM. We have thus established the ﬁrst complete lacustrine record of the PETM, which is not associated with
any formation boundary or major lithological change (Fig. 5).
The 20-m-thick CIE interval is greatly expanded relative to that
found in existing deep-sea sections. High-resolution chronologies
have been developed for terrestrial and marine sections and suggest a total PETM duration of 120–200 kyr (Norris and Röhl, 1999;
Röhl et al., 2007; Aziz et al., 2008). If we assume a constant sedimentation rate for the Beigou section, our record yields a mean

sedimentation rate of 10–16.7 cm/kyr across the PETM, which is
almost ten times more rapid than that for most deep-sea sections.
Therefore, our data might present a more detailed record of the
CIE. Viewed together, multi-proxy δ 13 C data clearly display two
distinctive features: (1) that the carbon isotope values of three substrates show an excursion of ∼ −6h, which is substantially larger
than that generally recorded in bulk marine carbonate and benthic
foraminifera (McInerney and Wing, 2011); and (2) that all δ 13 C
curves generally show a gradual negative shift with transitional
values, followed by an exponential return to initial values.
4.3. Magnitude of CIE
The magnitude of the CIE is critical for estimating the amounts
of carbon addition during the PETM (Dickens et al., 1995) and
evaluating the sensitivity of the climate system to the associated
greenhouse gas forcing (Pagani et al., 2006b). Despite an abundance of carbon isotope records, some uncertainty still surrounds
the full magnitude of the CIE, which shows a large variation between −2h and −7h, depending on locations and analyzed substrates (McInerney and Wing, 2011; Sluijs and Dickens, 2012). The
δ 13 C values of black carbon could elucidate the isotopic composition in vegetation that was burnt, because it is inert and produced
by the incomplete combustion of biomass (Schmidt and Noack,
2000). The δ 13 CBC values here show a prominent ∼6h negative
shift across the PETM which reﬂects the δ 13 C signal of vegetation
surrounding the lake (Fig. 5). The δ 13 CBC pattern is generally reproduced in the carbon isotope record of total organic carbon, a mixed
contribution of aquatic and terrestrial plants (Fig. 5). This coincidence, both in trend and isotopic shift, suggests that the TOC
was substantially inﬂuenced by terrestrial components and lake
biological productivity might be low at that time. This explanation is indeed consistent with the BIT values (Fig. 6e), which also
suggest signiﬁcant contribution of terrestrial soil organic material
(Hopmans et al., 2004). Importantly, the CIE from the total organic
carbon and black carbon (approximately −6h) is substantially
larger than the CIE anomaly (about −2.5h) generally recoded in
bulk marine carbonate and benthic foraminifera (Thomas et al.,
2002; Zachos et al., 2005).
Three potential scenarios have been proposed to explain the
anomalous large CIE recorded in terrestrial organic substrates.
Firstly, C3 angiosperms are typically 3h depleted in 13 C in
comparison with gymnosperms (Schouten et al., 2007), an effect likely related to the eﬃcacy of water use (Chikaraishi and
Naraoka, 2003). Thus, a notable increase of angiosperm ﬂora relative to gymnosperms has been invoked to explain the large CIE
as recorded by organic substrates (Smith et al., 2007; Schouten
et al., 2007). To reconcile the difference of ∼ 3h would require
almost a 100% shift from gymnosperm to angiosperm vegetation
across the PETM. However, this is inconsistent with palynological data which show that angiosperm taxa are the dominant
palynomorph and no noticeable change in the taxonomic composition occurs in the Yuhuangding Formation (Zhao and Guo,
1995). Secondly, increased ambient air humidity can lead to an
increase in stomatal conductance and in turn amplify the carbon isotope fractionation associated with photosynthesis (Gröcke,
1998). It has thus been suggested that a 20% increase in soil moisture and humidity would result in a 1.5–2.1h ampliﬁcation of
the CIE in terrestrial substrates during the PETM (Bowen et al.,
2004). In support of this explanation are the remarkable variations
in primary carbonate at the Beigou section. Before the onset of
the CIE, dolomite is the dominating carbonate precipitate mineral whereas it disappears and gives way to calcite during the
PETM (Fig. 5). Often authigenic dolomite precipitates from a lake
system are associated with highly evaporated lake water, suggestive of arid environment (Müller et al., 1972; Last, 1990). The
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sudden disappearance of primary dolomite in the strata is thus
indicative of a transition from dry to wet across the PETM at the
Nanyang Basin. These results are in line with the previous studies
which indicate more precipitation at mid to high latitudes inferred from increased kaolinite deposits (Robert and Kennett, 1994;
Bolle and Adatte, 2001) and n-alkane compound-speciﬁc hydrogen isotopic changes (Pagani et al., 2006a). Finally, the larger shift
measured in terrestrial organic substrates could record a response
to elevated CO2 levels. Previous experiments have shown an increase in carbon isotope fractionation by land plants in response
to increasing atmospheric pCO2 concentration (Feng and Epstein,
1995). During the PETM, a massive input of 13 C-depleted carbon
to the exogenic carbon reservoirs would necessitate a rise in atmospheric pCO2 , which in turn could amplify the δ 13 C signal by
∼1–2h through increasing photosynthesis fractionation (Schubert
and Hope Jahren, 2013). In summary, the larger excursion observed
in the δ 13 CBC and δ 13 CTOC could bias the true magnitude of the CIE
due to severe environmental disturbance during the PETM.
Further insight into the magnitude of the CIE is provided by the
δ 13 C values of micritic carbonate, with an excursion of ∼ −5.5h.
Considering the fractionation differences between dolomite and
calcite and assuming that both precipitated in isotopic equilibrium
with lake water, we applied the method developed by Bristow
et al. (2012) to correct the δ 13 Ccarbonate values of mixed carbonate minerals to that of calcite (δ 13 Ccalcite ) (Table S1), which track
the carbon isotopic composition of the dissolved inorganic carbon (DIC) in the water mass. The resulting magnitude of the
CIE is ∼ −4h (Fig. 5). It is smaller than that recorded in organic substrates, but consistent with that observed in planktonic
foraminifera (Thomas et al., 2002; Zachos et al., 2003; Handley et
al., 2008; John et al., 2008). Clear interpretation of the carbon isotope ratios of authigenic carbonate is diﬃcult because many factors
contribute to the ﬁnal isotopic composition of precipitated carbonates in lakes. In general, the carbon-isotope inventory in lake is
controlled by three predominant factors: (1) the isotopic composition of inﬂowing waters; (2) CO2 exchange between lake water and
the atmosphere; (3) the balance between primary productivity and
respiration of aquatic plants within the lake (Leng and Marshall,
2004). The highly alkaline lakes revealed by thick marl deposits,
however, are less susceptible to biotic impacts, as the reservoir of
dissolved inorganic carbon is so large. Generally, isotopically light
CO2 liberated by decay of terrestrial organic matter in the soil enters the soil waters and shallow groundwaters (Leng and Marshall,
2004), and ultimately inputs the lake system through runoff and
rivers. Therefore, the δ 13 Ccalcite values should reﬂect the average
isotope composition of DIC in the watershed system with varying degrees of equilibrium of the DIC with atmospheric CO2 (Bade
et al., 2004). Since all of the processes interact directly or indirectly with the atmospheric CO2 , the δ 13 Ccalcite values in this study
might preserve time-averaged isotopic signal of atmospheric CO2
and the CIE of ∼ −4h is thus likely close to the true magnitude
of carbon isotope anomaly in the exogenic carbon reservoirs. This
result is consistent with others recently published (Cui et al., 2011;
Sluijs and Dickens, 2012; Schoon et al., 2013), suggesting that the
magnitude of the CIE in the ocean–atmosphere system may have
been larger than −3 to −2.5h that has generally been accepted.
4.4. The shape of the CIE and its relationship to temperature
The details of the CIE have important implications for the triggering of the isotopically light carbon addition and the nature of
potential feedbacks during the PETM (Stoll, 2005). Multisubstrate
data from the Nanyang Basin clearly show distinct stratigraphic
pattern of δ 13 C change in the inorganic (δ 13 Ccalcite ) and organic
fractions (δ 13 CBC and δ 13 CTOC ) across the PETM, with changes in
the δ 13 Ccalcite being generally smoother than and lagging those
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in organic fractions (Fig. 5). Often carbonates spend millennia in
Earth surface systems before they are deposited in the sedimentary record (Blair and Kalff, 1995; Tenzer et al., 1997). Hence, it
is expected that the isotopic composition of authigenic carbonate
should track time-averaged signal of dissolved inorganic carbon in
the watershed systems around the lake. The mixing of carbon from
isotopically distinct sources could result in the smoothed record
and somewhat later onset and apparently a lagging arrival of the
minimum values in δ 13 Ccalcite .
In contrast, δ 13 CBC and δ 13 CTOC values show a relatively abrupt
drop at the onset of the event, punctuated by a substantial increase in values around 24 m, and then gradually progress to
the minimum values. Plants assimilate CO2 directly from the atmosphere through photosynthesis and therefore could provide the
most reliable record of the pattern of the CIE. The strong similarities between δ 13 CBC and δ 13 CTOC values, both in trend and isotopic
shift, imply that the gradual carbon isotope excursion could unravel the true shape and proﬁle of the CIE. These records are
broadly similar in pattern to the majority of other well-resolved
records worldwide (Bowen, 2013) except for a little more protracted excursion onset and a sharp positive shift during the
progress of negative excursion. One possible explanation for the
prolonged onset might be attributable to extremely high sedimentation rates of carbonate during the CIE onset, although there
is no direct evidence for this due to a lack of robust age control. On the other hand, homogeneous marl depositions across
the excursion onset demonstrate that changes in sedimentation
rates are inapparent and could not signiﬁcantly alter the pattern
of the CIE onset. The sharp premature recovery to less negative
δ 13 C values in our organic substrates is also observed in some of
the terrestrial records from Bighorn Basin (Baczynski et al., 2013;
Bataille et al., 2013). It has been indicated that intensive runoff
could signiﬁcantly enhance erosion of “old” carbon in soils or ancient rocks, and as a result lead to anomalous change in organic
δ 13 C values (Clark et al., 2013). Accordingly, we interpret the sharp
positive shift around 24 m as a mixture of autochthonous carbon
(δ 13 C: ∼27h) ﬁxed during the PETM and allochthonous carbon
(δ 13 C: ∼22h) eroded from pre-PETM soils or rocks as recently
suggested by Bataille et al. (2013) and Schneider-Mor and Bowen
(2013). Changes in authigenic carbonates support this argument
and imply enhanced hydrological cycle during the PETM.
Despite subtle differences and complexity of their explanations
in the CIE for each substrate as discussed in above paragraphs,
our high-resolution δ 13 C curves generally depict a gradual excursion onset. The δ 13 C values of each fraction could be controlled
by different environmental variables, but all of them were directly or indirectly affected by atmospheric carbon pool. Taking
account of the excessive excursion onset (∼10 m) in our records,
we thus conclude that the carbon isotope excursion of atmospheric
carbon reservoir possibly occurred in a gradual δ 13 C decrease at
least over timescales of thousands of years. Recently, Wright and
Schaller (2013) examined records from apparently rhythmically
layered shelf sediments to argue that the onset of the CIE occurred
within 13 yr, and further suggested an instantaneous release of
13
C-depleted carbon. In contrast, the excursion onset was gradually completed within ∼10 m stratigraphic space in our records.
It is highly inconceivable that ∼10-m-thick carbonates deposited
in 13 yr, thus implying that their explanation is not feasible. Interestingly, our MBT/CBT paleothermometry data show a gradual
increase of ∼7 ◦ C and then a return to initial temperatures during
the PETM, which is broadly similar in shape and trend to the carbon isotope records (Fig. 6). Speciﬁcally, while δ 13 C values begin
gradually to decrease at ∼20 m, the temperature starts to increase
slowly. At approximately 31 m, the δ 13 C ratios reach their minimum, and the temperature increases to its maximum; then, as the
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δ 13 C values increase, the temperature gradually returns to the initial values.
How a massive amount of 13 C-depleted carbon was injected
remains the focus of much debate (Bains et al., 1999; Giusberti
et al., 2007; Cui et al., 2011; Wright and Schaller, 2013). It has
been suggested that greenhouse feedback might have played a pivotal role (Zachos et al., 2008), but no direct geological evidence
exists. Here our high-resolution lacustrine records show that the
minimum δ 13 C values were reached in a gradual manner with
some transitional values. Similarly, high-resolution δ 13 CTOC data
from Spitsbergen also generally depict the same feature of the
CIE as that revealed by our records (Cui et al., 2011). Taken together, δ 13 C data of different substrates from different sites all
present a gradual excursion onset, implying an enormous input
of 13 C-depleted carbon into the atmosphere and ocean in a gradual manner rather than an instantaneous (Thomas et al., 2002;
Giusberti et al., 2007) or pulsed manner (Bains et al., 1999) generally deﬁned in marine sediments. Furthermore, the pattern and
trend of the CIE from our records are mirrored in the temperature
data (Fig. 6). This correspondence strongly demonstrates that the
injection of 13 C-depleted carbon was intimately coupled with the
temperature increase across the PETM. Taken with the fact of preCIE warming (Sluijs et al., 2007; Secord et al., 2010, this study),
our observations provide a fundamental constraint on the event,
in the form of a massive release of 13 C-depleted carbon that operated as a positive feedback to global warming. In particular, peak
temperatures of suﬃciently short duration are associated with the
minimum carbon isotope values, implying that the carbon source
was probably exhausted and the positive feedback ceased.
4.5. Implications for the carbon sources
Our high-resolution records clearly deconvolve the coupling of
continental temperature change and the CIE. These ﬁndings have
two important implications for the carbon sources. Firstly, the
∼4 ◦ C warming occurred before the onset of the CIE does not
correspond to any marked variation in multiple δ 13 C data, indicating that the pre-CIE warming, if forced by increasing pCO2 , was
likely attributable to volcano degassing with a δ 13 C value identical to atmospheric CO2 (Wieczorek et al., 2013). Secondly, the
fact of pre-CIE warming (Sluijs et al., 2007; Secord et al., 2010,
this study), coupled with evidence of covariance between temperature and δ 13 C values during the CIE, is consistent with the
idea that 13 C-depleted carbon release operated as a positive feedback to temperature rise, suggestive of carbon supply from one or
more large organic carbon reservoirs on Earth’s surface. Potentially,
the combustion of the Paleocene peatlands might be responsible
for the CIE (Kurtz et al., 2003). However, the δ 13 C data of black
carbon exhibit a similar CIE recorded in total organic carbon, indicating that this material was sourced from contemporaneous
biomass rather than geologically old carbon. This is inconsistent
with the prediction of wildﬁre hypothesis (Kurtz et al., 2003). Two
other compelling possibilities for organic carbon feedback are permafrost (DeConto et al., 2012) and methane hydrates (Dickens et
al., 1995). Because methane hydrate and permafrost reservoirs are
relatively large and sensitive to temperature (Dickens et al., 1995;
DeConto et al., 2012), our data are more consistent with the suggestion that most of 13 C-depleted carbon should be sourced from
the decomposition of one or both of these organic carbon pools.
5. Conclusions
We have recovered the ﬁrst high-resolution lacustrine PETM
section from central China based on carbon isotope records of inorganic and organic fractions. Total organic carbon and black carbon
record a 6h negative carbon isotope shift, while the δ 13 Ccalcite

data reveal a carbon excursion of ∼ −4h. Elevated pCO2 concentration and enhanced precipitation, reﬂected by prominent changes
in authigenic carbonate minerals, could be responsible for this remarkable large excursion. The CIE of ∼ −4h recorded in lacustrine calcite reﬂects the average isotopic anomaly in the watershed,
which is consistent with that found in planktonic foraminifera
(Thomas et al., 2002; Zachos et al., 2003). We thus suggest that
the CIE of ∼ −4h observed in these subsystems may indeed reﬂect the true shift in the exogenic carbon reservoirs.
Multiple δ 13 C data reveal a ∼10 m excursion onset, meaning
that the PETM is very unlikely to be a single, decadal-scale carbon
release event as suggested by Wright and Schaller (2013). Local
factors, such as enhanced erosion of “old” carbon due to intensive
runoff during the PETM, might complicate the isotopic signal of
each substrate and lead to subtle difference or somewhat smoothness in the detailed pattern of the CIE, but inorganic and organic
substrates broadly record a gradual CIE onset. This result, combined with the excessive excursion onset (∼10 m), probably indicates an enormous input of 13 C-depleted carbon into the ocean–
atmosphere system in a gradual manner at least over timescales of
thousands of years. Furthermore, the shape and trend of the CIE at
the Nanyang Basin are generally mirrored in MBT/CBT paleothermometry data. These observations, in conjunction with pre-CIE
warming, demonstrates that 13 C-depleted carbon release operated
as a positive feedback to temperature rise, suggesting most of carbon supply from the decomposition of one or both of methane
hydrates and permafrost.
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